• Satellite and reanalysis composites of extratropical cyclones display distinct ozone 11 enhancements in the dry intrusion air stream 12
• These ozone enhancements maximize in spring, reaching values of 210 ppbv and 27 ppbv 13 at 261 hPa and 464 hPa, respectively 14
• Dry intrusions lead to a flux of 119 Tg O 3 yr -1 , or 42% of the northern hemisphere 15 stratosphere-to-troposphere flux 16 17 Accepted for publication in the Journal of Geophysical Research, Nov. 2017. 18 19 Abstract. We examine the role of extratropical cyclones in stratosphere-to-troposphere (STT) 20 exchange with cyclone-centric composites of O 3 GEOS-Chem is a factor of two too low. The MERRA-2 composites show that the O 3 -rich DI 32 forms a vertically aligned structure between 300 and 800 hPa, wrapping cyclonically with the 33 warm conveyor belt. In winter and spring DIs, O 3 is enhanced by 100 ppbv or 100-130% at 300 34 hPa, with significant enhancements below 500 hPa (6-20 ppbv or 15-30% Transport within extratropical cyclones typically follows the warm conveyor belt (WCB) 34 and dry intrusion (DI) airstreams. The WCB originates at low levels in the warm sector of the 35 cyclone and travels poleward, rapidly ascending to the mid-and upper troposphere [e.g., 36
Browning and Roberts, 1994] . As this warm moist air rises along moist isentropes, it leads to 37 intense precipitation and the formation of the typical comma shaped cloud associated with 38 mature cyclones [Carlson, 1980] as illustrated in Figure 1 . The O 3 -rich DI (also referred to as dry 39 airstream, DA) starts in the upper troposphere/lower stratosphere (UT/LS) to the west of the 40 cyclone center near the tropopause fold, and then fans out as it descends towards low levels 41 behind the cold front [Browning, 1997] . The cold dry air of the DI leads to the formation of the 42 'dry slot' providing a sharp westward limit to most of the clouds and precipitation (Figure 1 ). 43 The WCB and DI can each split into two branches (labelled A-D in Figure 1 8 comprehensive regional studies [e.g., Reutter et al. 2015] . These studies highlight the large case-9
to-case variability of both the magnitude of the STE flux within each extratropical cyclone and 10 the dominant mechanism responsible for irreversible mixing within the troposphere: turbulent 11 mixing near the jet stream [Shapiro, 1980] , stratospheric streamer fragmentation and roll-up 12 [Appenzeller et al., 1996] , localized wet convection [Langford and Reid, 1998 ], and breaking 13 gravity waves [Cho et al., 1999; Pavelin and Whiteway, 2002 ]. 14 In this paper, our goal is to examine more systematically the influence of extratropical 15 cyclones on tropospheric O 3 concentrations and the associated stratosphere-to-troposphere (STT) 16 O 3 flux. While the hemispheric-scale magnitude of the O 3 STE flux is controlled by the wave-17 driven Brewer-Dobson circulation, extratropical cyclones are one of the important tropopause 18 gateways for this transport thereby determining the timing, location and depth of stratospheric O 3 19 intrusions within the troposphere. 20 We use a cyclone-centric compositing approach to examine O 3 Here, we follow a three-step approach consisting of a) identifying extratropical cyclones 8 based on sea level pressure, b) extracting daily satellite observations and reanalysis/model fields 9 on a 4,000 km × 4,000 km grid centered on the cyclone center, and c) generating cyclone-centric 10 composites as well as anomalies with respect to background conditions. 11
Identification of NH extratropical cyclones 12
We have adapted the method described in Patoux et al. [2009] (Figure 3c ). The 500 hPa geopotential height (white contours in Figure 3d ) form a 19 distinct cut-off low near the cyclone center. The tropopause fold associated with the DI stands 20 out in Figure 3d , with composite tropopause pressure reaching 360 hPa to the west of the cyclone 21
center. This represents a 60 hPa increase in tropopause pressure relative to background 22 conditions and is accompanied by a PV increase of 1-2 pvu and a 40-80 ppmv H 2 O decrease in 23 the DI (Figure 3 ). The MERRA-2 H 2 O at 300 hPa is 40% larger than AIRS H 2 O (Figure 3fg) [2013] suggested that part of the difference between MERRA and AIRS might be due to low 28 sampling of AIRS in cloudy regions, particularly in the midlatitude storm tracks. Indeed, most of 29 the cyclone composite has cloud fractions exceeding 50% (Figure 3b ). 30
For each individual cyclone, we identify the DI at 300 hPa as the outermost closed PV 31 contour enclosing a PV maximum within 1000 km of the cyclone center. Then, within this 32 region, we extract the maximum tropopause pressure (lowest tropopause altitude), which we will 33 use as an indicator of the lowest altitude reached by the DI. Figure 2b shows a two-dimensional 34 histogram of the number of cyclones as a function of month and maximum tropopause pressure 35 within the DI (in 20 hPa bins). We locate the maximum tropopause pressure in a given vertical 36 profile as the top boundary of the dynamical tropopause defined by the 2 pvu isosurface. In the 37 case of multiple tropopauses, if the 2-pvu isosurface is crossed again within 2 km below the top 38 boundary, we select that tropopause pressure instead. Figure 2b shows that most cyclones have a 39 tropopause pressure which is 100-200 hPa lower than the mean tropopause pressure, with a 40 significant number of cyclones reaching much lower levels. To quantify to seasonal variations in these O 3 enhancements, we identify the DI of each 28 individual cyclone as the closed MERRA-2 261 hPa ∆O 3 contour where the following two 29 conditions are met: ∆O 3 >½max(∆O 3 ) and ∆H 2 O<-25%. The black contour in Figure 4g shows 30 the area of the DI when we apply these criteria to the MERRA-2 composite. We extract the 31 maximum O 3 and ∆O 3 for each cyclone within their DI, and then calculate the daily mean O 3 and 32 ∆O 3 for all cyclones in the NH (there are typically ~4-6 cyclones on any given day in the NH, or 33 32-48/day over our 8-year period). Figure 5 shows the resulting seasonal cycles of the 261 hPa 34 DI O 3 and ∆O 3 timeseries. Applying this selection criteria to individual cyclones allows for 35 variations in the location of the DI and thus yields higher O 3 and ∆O 3 than the composites, in 36 which slight horizontal variations lead to cancellations of positive and negative anomalies. 37 MLS O 3 in the DI maximizes at 400 ppbv in April and decreases to 180 ppbv in October-38
November, with an annual mean value of 292 ppbv ( Figure 5a ). This annual cycle follows the 39 well-established seasonality of LS O 3 in the extratropical NH, with a slow buildup of O 3 40 throughout winter and early spring followed by dissipation in late spring and summer [Logan, 41 1999 In terms of ∆O 3 , MLS, MERRA and MERRA-2 reach a maximum of 210 ppbv in April  8 and a minimum of 100 ppbv in September-November ( Figure 5b ). MERRA has a narrower April 9 maximum, resulting in a lower annual mean ∆O 3 of 136 ppbv compared to 153-154 ppbv for 10 MLS and MERRA-2. Annually averaged, the 136-154 ppbv mean ∆O 3 in MLS, MERRA, and 11
MERRA-2 results in a 85-115% O 3 enhancement in the DI relative to background conditions. In 12 GEOS-Chem, the DI enhancement in O 3 is 45-50% lower compared to the other 3 datasets. . This is caused by the lack of dynamic consistency in subsequent analysis fields that are 37 generated by independent data assimilation cycles. The resulting "shocks" caused by data 38 insertion are partially mitigated when time-averaged assimilated fields are used in CTMs 39 [Pawson et al., 2007] , as done in GEOS-Chem, but significant differences remain. with the GMI CTM driven by MERRA analysis fields to a simulation with the online version of 1 the GEOS-5 AGCM in "replay" mode, where the AGCM reads MERRA analysis fields every 6 2 hours, recomputes the analysis increments, which are then applied as a forcing to the 3 meteorology. They found that in the winter extratropics, the concentrations of an idealized STE 4 tracer were ~30% lower in the CTM compared to the AGCM (see Figure 2d in Orbe et al., 5 2017). We conclude that the GEOS-Chem underestimate is consistent with a systematic 6 underestimate of O 3 in the lowermost extratropical stratosphere due to errors in offline 7 stratospheric transport driven by assimilated winds. Further investigating the detailed causes of 8 these errors is beyond the scope of this paper and does not affect our results, which focus on the 9 analysis of MERRA-2 O 3 fields in the following sections. 10 400 hPa and 800 hPa. The DI composite O 3 mixing ratios are enhanced by 15-50% at 300 and 13 400 hPa, 3-6 % at 500-600 hPa, and <2% at 700 hPa. underestimates the WCB export of high O 3 from the polluted continental boundary layer. 24
As the O 3 -rich DI descends, the maximum O 3 enhancements propagates slightly to the 25 southwest of the cyclone center. The DI forms a coherent and vertically aligned structure, 26 wrapping around cyclonically with the WCB (Figure 8 ). It appears that in the composites, the 27 two dominant branches of the DI and WCB are branches B and C, respectively (Figure 1 Figure 9 shows the resulting seasonal mean 36 vertical profiles. The O 3 enhancement within cyclones exceeds 100 ppbv throughout the 37 lowermost stratosphere (<250 hPa). The largest DI O 3 enhancement relative to background 38 conditions reaches 100-130% at 250-300 hPa (Figure 9bc ). The DI O 3 enhancement remains 39 significant at pressure altitudes below 500 hPa, with contributions of 6-20 ppbv (15-30%). 40
Summer and fall extratropical cyclones result in weaker ∆O 3 relative to winter and spring. 41
Knowland et al. [2015] composite intense spring storms over the N. Atlantic and N. Pacific using 42 the MACC reanalysis, finding DI O 3 enhancements of 100-150 ppbv at 300 hPa and 10-25 ppbv 1 at 500 hPa (their Figure 13 ) similar to our results. 2
How much of the O 3 enhancement in the DI originates from the lowermost stratosphere 3 as opposed to the upper troposphere? How much mixing has taken place as the DI descends 4 within the troposphere? To try to answer these questions, we use the GEOS-Chem simulation to 5 examine the fraction of ∆O 3 that is explained by an enhancement in the tagged stratospheric O 3 6 tracer (dashed lines in Figure 9c ). As GEOS-Chem underestimates stratospheric O 3 7 enhancements by a factor of 2 (Sect. 4), we correct for this by doubling the concentrations of the 8 stratospheric O 3 tracer. During winter and spring, we find that stratospheric O 3 accounts for 80-9 90% of ∆O 3 at 500 hPa, 65-75% at 600 hPa, and 25-40% at 800 hPa. Thus, for these seasons, the 10 DI keeps its stratospheric characteristic until 400-500 hPa, below which mixing with 11 tropospheric air occurs. During summer and fall, the stratospheric contribution at 500 hPa is 12 ~40%, and thus O 3 -rich upper tropospheric air dominates ∆O 3 in DIs because descent of 13 stratospheric O 3 reaches low altitudes less frequently (Figure 2b ). 14 6 Dry intrusions contribution to stratosphere-troposphere exchange of O 3 15 We now quantify the role of extratropical cyclones in the STE transport of O 3 using 16 MERRA-2. We focus here on STT transport in the DI of extratropical cyclones and will not 17 examine the troposphere-to-stratosphere transport (TST) occurring within the WCB [e.g., Wernli 18 and Bourqui, 2002]. The MERRA-2 reanalysis represents well near tropopause O 3 variability, 19 and is particularly robust in the lowermost stratosphere because of the assimilation of MLS. 20 However, as noted earlier, the lack of detailed tropospheric chemistry results in a low bias in the 21 UT making MERRA-2 O 3 not as useful to assess TST transport. 22
Here, we make the following assumption: for each daily 4,000 km × 4,000 km cyclone-23 centric grid, we assume that all the stratospheric O 3 between the local 2 pvu dynamical 24 tropopause and the level 75 hPa below the climatological dynamical tropopause will be 25 irreversibly mixed into the troposphere. We calculate the climatological dynamical tropopause as 26 the 2005-2012 daily mean tropopause to which we apply a 60-day running mean and a 15º wide 27 boxcar smoothing. The NH extratropical dynamical tropopause is typically around 300 hPa 28 (black line in Figure 2d ). If we define the entire DI as being bounded by the locally lowered 29 dynamical tropopause and the climatological tropopause of ~300 hPa, then about 15% of the O 3 30 mass in the DI is below 375 hPa. We assume that this fraction is irreversibly mixed in the 31 troposphere for each individual cyclone identified on each day. finding the strongest dependence for 300 hPa windspeed (u 300hPa , defined as the maximum 25 windspeed in the southern quadrants of the cyclone, see Figure 3c The black contour in Figure 4g shows the area of the dry intrusion as defined in Section 4.1. 4 These composites are for the same cyclones as in Figure 2 Figure  S1 shows the seasonal dependence of dry intrusion STT O3 flux as a function of 300 hPa wind speed, 300 hPa PV, and minimum SLP. Figures  S2  and  S3 shows the seasonal dependence of dry intrusion ∆O 3 at 261 hPa and 464 hPa for MLS, TES, and MERRA--2. Figure  S4 shows the sensitivity of our calculated dry intrusion STT O3 flux to assumptions about different control surfaces. Figure  S1 . Dependence of dry intrusion 2005--2012 MERRA--2 STT O 3 flux as a function of (top row) 300 hPa windspeed, (middle row) 300 hPa PV, and (bottom row) SLP. The boxplots correspond to the 25 th and 75 th percentiles (grey box), 10 th and 90 th percentiles (whiskers), median (bar inside the grey box), and means (red filled circle) for each bin. 
